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3. Oceanic response to the atmospheric forcing. 
 

1. Sea surface temperature 

 

 The mechanisms of sea surface temperature changes are different in the equatorial regions 

and in the mid latitudes. Let us consider the main balance of terms in the sea surface temperature 

equation. If 

€ 

ϑ(x,t)  denotes temperature, the temperature equation can be written 

 

€ 

ϑt + uϑx + vϑy + wϑz =
1

ρ0Cp

qsw + (κϑz)z + k(ϑxx +ϑyy )  (56) 

where 

€ 

qsw (z)  is the penetrating flux of short wave solar radiation, 

€ 

κ  the vertical diffusivity, ρ the 

density, Cp the heat capacity of water, and the horizontal eddy diffusivity k is taken to be 

constant. If the variations of the free surface are neglected and the temperature and the velocity 

are assumed to be constant in the mixed layer, integration from the surface to just below the 

mixed layer at z = - h yields the slab mixed-layer model 

hTt + h u Tx + h v Ty + H(we )(T - Te) we = (Q(0) - Q(-h)) / ρ Cp + κ h (Txx + Tyy)   (57) 

where the entrainment (or detrainment) velocity we is the rate at which fluid particules move 

vertically at the mixed layer bottom relative to the mixed layer bottom. It is given by 

we = ht + (hu)x + (hv)y             

It is thus equal to zero if there are no mass exchanges between the mixed layer and the startified 

fluid below. The heaviside function H(we), equal to 1 when we > 0 and the mixed layer deepens 

(entrainment), and zero otherwise (detrainment for a shallowing mixed layer), has been 

introduced in (57) since leaving fluid behind the mixed layer water (because mixing is not strong 

enough to reach the bottom of the mixed layer) does not change its temperature. 

Q(0) =Qs +QL +QLW + qsw (0)  is the surface heat flux, where 

€ 

Qs is the sensible heat flux, 

€ 

QL  the 

latent heat flux and 

€ 

QLW  the longwave radiation, Q(-h) is the heat flux at the mixed-layer base, 

and Te the temperature of entrained water. Except when the mixed-layer is very shallow as in the 

eastern tropical Pacific (but the concept of a well mixed layer does not really apply), most of the 

solar radiation is absorbed in the mixed layer so that Q(-h) mostly represents vertical mixing at 

the mixed layer base. In slab mixed-layer models, the mixed-layer depth h is determined by the 

turbulent kinetic energy budget. A simplified form of the vertically integrated energy budget is 

1
2
H (we )we αgh(T −T

− )−ms v −v
− 2"

#$
%
&'=m0u*

3 +
1
2
αghQ
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where 

€ 

u*  is the friction velocity related to the surface wind stress by 

€ 

τ = ρ u*
2, 

€ 

α  is the 

coefficient of thermal expansion, 

€ 

ε  the turbulent dissipation, and ms and ms are constant.  The 

first term is the rate of working needed to lift and mix the denser entrained water, the second 

term is the rate of mean flow energy reduction by mixing across the mixed-layer base, the third 

term the wind generation of turbulent energy, the fourth one the rate of potential energy change 

produced by the surface heat flux, and the fifth term represent turbulent dissipation.  

 In the mid latitudes, the sea surface temperature is primarily determined by local air-sea 

interactions, except in the vicinity of fronts. The main balance is  

hTt + (T - Te) we = Q(0),                   (58) 

so that the rate of change of the surface layer heat content is mostly controlled by the air-sea heat 

exchanges and the wind-driven entrainment flux. At the equator, however, all the terms in Eq. 

(56) are important. Both the zonal and the meridional advection play a role, and vertical mixing 

remains large in the stratified waters below the surface layer. Also, horizontal mixing can be large 

and complex, in particular in the presence of instability waves. As the surface currents and the 

vertical motions (which influence Te) are in part remotely forced, the sea surface temperature is 

only partly controlled by the local air-sea interactions, and it also depend on the basin-wide wind 

stress forcing. This explains the decreasing value of the correlation between the local rate of 

change of sea surface temperature and the surface heat flux that is observed as one approaches the 

equator (Fig.18). In the tropics, the interactions between the ocean and the atmosphere cannot be 

studied without taking into account the ocean dynamics, and it is thus a more challenging task. 

  
The observations show that zonal, meridional and vertical temperature advection plays a 

large role in the SST anomaly changes in the equatorial Pacific, depending on season, location 

and SST conditions (Fig. 1.10 from Philander 1990). For instance, some Kelvin wave pulses  
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create large sea surface temperature changes, while others only have a small sea surface 

temperature signature. As discussed by Harrison and Schopf (1984), the differences are 

associated in part with the timing of the westerly wind bursts. The Kelvin wave primarly affects 

the sea surface temperature via zonal advection in the central ocean, whereas vertical advection 

and the alongshore currents associated with the coastally trapped reflected waves play the 

dominant role near the eastern coast. When the mean zonal sea surface temperature gradient is 

large along the equator as in summer and fall, the eastward advection associated with a 

downwelling Kelvin wave creates a positive sea surface temperature anomaliy in the central 

Pacific. Such process has been associated with the initiation of some El Niño events, as in 1982. 

On the other hand, when the mean zonal sea surface temperature gradient is weak as in winter and 

spring, zonal advection has a small effect and little sea surface temperature change is expected as 

the wave crosses the ocean (See Fig. 4 and 6). In the eastern Pacific, however, the shallow 

thermocline is deepened by the Kelvin wave (Fig.38) during a El Niño event, which shuts off the 

sea surface temperature cooling by upwelling since the latter is limited to the the upper part of the 

water column (Fig.9 de Halpern et al. 1988, les unités sont en 10-5 ms-1).  
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In reality, both Kelvin and Rossby wave contribute to the SST anomaly advection, as illustrated 

for the 93-97 period by Boulanger and Menkes (1999). A quantitative estimation of the main  

terms in the SST anomaly equation has been done on long timescales by Wang and McPhaden 

(2001) and based on 4 TAO moorings along the equatorial Pacific, showing more explicitly the 

influence of upwelling or downwelling. They show that on intraseasonal timescales the SST 

variability is most affected by the surface heating in the western Pacific, zonal advection in the 

central Pacific, and vertical advection and entrainment in the eastern Pacific, with a strong 

influence of the Kelvin waves. Note that the surface heating always tends to damp the SST 

anomalies, so that it plays a passive role, not an active one as in the mid latitude.  

 The observations show that the SST anomalies are asymmetric in the tropical Pacific in 

the sense that the El Niño anomalies are not the opposite of the La Niña ones: the El Niño events 

tend to be larger than the La Niña events, and the spatial distribution is also different. This is an 

intrinsic nonlinear characteristic of the ENSO phenomenon. The nonlinearity clearly appears in 

the heat budget of the oceanic surface layer. Consider the temperature équation 

 

€ 

θt + uθx + vθy + wθz = R         (59) 

where R is the residual including heating, diffusion, etc. Let 

€ 

T = T + T '. Replacing in (59) yields 

 

€ 

θ't +u'θ x + v'θ y + w'θ z + u θ 'x +v θ 'y +w θ 'z = −(u'θ 'x +v 'θ'y +w'θ 'z ) + R'   (60) 

which shows the nonlinear terms (quadratic in the perturbation) act as an equivalent heating or 

cooling term. For simplicity, their average (which should be subtracted) has been neglected in 

(60). The nonlinear dynamical “heating” depends on the correlation between the velocity and the 
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temperature anomalies, and it can be estimated from observations or model data. Its contribution 

in the first 50 m was estimated by An and Jin (JCLI 2004) from the NCEP predictionsystem 

(oceanic model with data assimilation) and is illustrated for two El Niño and  

 
 

two La Niña events (Fig.5). In all cases the nonlinear dynamical heating tends to warm the 

equatorial Pacific, thus reinforcing the El Niño SST anomalies but weakening the La Niña ones. 

The largest contribution comes from the vertical advective heating, with the zonal advective one 

second strongest. Note that the nonlinear dynamical heating is much stronger after 1980 than 

before, due to decadal changes in the stratification in the tropical Pacific, via 

€ 

(T −Te )  in 

particular. This shows that nonlinearity strongly contributes to the phase asymmetry of the ENSO 

events. 
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2. Adjustment to wind forcing 

 

A reduced-gravity model.   The simplest model to understand how the tropical oceans respond to 

an applied wind stress and how they reach a state of dynamic equilibrium (the spin-up problem) is 

the linear reduced-gravity (or 1.5-layer) model. This model has two immiscible layers of constant 

density ρ1 and ρ2, separated by an interface that represents the sharp and shallow tropical 

thermocline. The upper layer has a mean depth H1 and is bounded by a rigid lid; the lower layer 

is infinitely deep and at rest. For simplicity, we only consider a spatially uniform zonal windstress 

τx (per unit specific volume), which acts as a body force in the upper layer; there is no stress at 

the interface. If η is the vertical displacement (positive upwards) of the interface, the shallow-

water equations are 

ut - fv + g'ηx = τx/H1               (61) 

vt + fu + g'ηy = 0                                (62) 

g'ηt + c2(ux + vy) = 0              (63) 

where g' = (ρ2 - ρ1)g/ρ1 is the reduced gravity and c = (g'H1)1/2 the gravity wave speed. These 

equations are similar to (2.23)-(2.25), except that the pressure gradient term has been expressed in 

term of η. This is done by integrating the hydrostatic equation (2.8) between level z in layer 1 and 

level z* in layer 2, which yields 

€ 

p(z) − p (z*) = − ρ2(−H1 −η − z*) + ρ1(z +H1 +η)[ ]   

Taking the horizontal gradient then leads to

€ 

pα =ηα (ρ2 − ρ1)  since 

€ 

pα (z*) = 0  as layer 2 is at rest. 

The pressure gradient can be thus expressed as a function of η as above. The following results 

can also be used to describe the adjustment of a continuously stratified ocean, using the normal 

mode representation. 

  As in (26), the equations can be combined into an equation for v 

(vxx + vyy)t + βvx - (vtt + f2v)t/c2 = fτxt/c2H1               (64) 

Since the forcing is x-independent (zonally uniform stress), the motion induced by a sudden onset 

of the wind at t = 0 is independent of longitude as long as the effects of the boundaries are not 

felt. 

  

The equatorial jet. Before boundary effects are felt, Eq. (64) reduces to 

vtt + f2v - c2vyy = - fτx/H1              (65) 
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At large distances from the equator (i.e., at distances larger than the equatorial radius of 

deformation L), the third term is much smaller than the second, so that after a time much larger 

than the local inertial period, Eq. (60) reduces to 

v = - τx/fH1                      (66) 

which is the classical expression for the Ekman drift. For an eastward wind stress, the zonal 

currents vanish and the meridional currents are steady, converging on the equator in a way that 

amplifies as the latitude decreases. This convergence therefore induces a downwelling that 

intensifies toward the equator. 

 At the equator, however, the Coriolis term vanishes, so that the zonal momentum balance 

must be 

ut = τx/H1 at y = 0             (67)     

which implies that there is an accelerating zonal jet, and, from (62), a corresponding steady 

deepening of the thermocline.  

 To describe the transition between the equatorial and the mid-latitude regimes, consider 

times much longer than T = (βc)1/2, so that the first term in (65) can be neglected, which filters 

the inertia-gravity waves that are excited by the onset of the wind. The solution is then 

v = - τx(βc)-1/2Q/H1          (68) 

u = τx(1 - y*Q)t/H1          (69) 

η = - τxQy*t/c           (70) 

where the function Q and the latitudinal structure of u and η are represented in Fig.3.4 de 

Philander (1990) as a function of the nondimensional meridional scale y*. The solution represents 

an accelerating zonal jet whose half-width is twice the radius of deformation and which is always 

in geostrophic balance, a steady meridional current that asymptotes to the Ekman drift for large 

values of y*, and a steady deepening of the thermocline near the equator. This solution is often 

refered to as the Yoshida jet. In case of easterlies, the accelerating equatorial jet is westward and 

there is steady upwelling. Note also that if the forcing stops, v tends to zero and the zonal jet 

becomes constant. In the absence of dissipation and boundary effects, the equatorial jet would 

persist indefinitely. This shows that the equatorial ocean has a memory, and that it integrates the 

forcing in more variable conditions. 

 In the presence of friction, a steady solution will be reached. In the simple case of equal 

Rayleigh and newtonian friction r, the steady solution is given by (68)-(70) with 1/r instead of t. 
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Equatorial adjustment.  The Yoshida jet does not satisfy the boundary conditions at the 

meridional boundaries, so that the solution is only valid until the effects of the coasts are felt and 

an equilibrium state is reached. The adjustment to the final equilibrium is effected by equatorial 

waves generated at the boundaries. If the onset of the wind is gradual, the inertia-gravity waves 

play little role and the adjustment is due to Kelvin and Rossby waves. The zonal current response 

to the steady forcing can thus be written 

u = ujet + uK + uR              (71) 

where the superscript jet, K and R refer to the Yoshida jet, Kelvin waves and Rossby waves, 

respectively. The boundary conditions at the meridional coasts are 

u = 0   at x = 0 and x = xE              (72) 

 At t = 0, Kelvin and Rossby waves are generated at the boundaries and propagate toward 

the interior of the basin. The Kelvin waves are the fastest, so we first consider the western 

boundary. To satisfy (72), eastward propagating Kelvin waves and short Rossby waves are 

available. However, only the Kelvin wave can transport mass zonally, as the short, slow Rossby 

waves only redistribute mass meridionally, but not zonally at low frequencies. The condition that 

the Kelvin wave returns the zonal mass flux associated with the jet 

€ 

u jetdy = − uKdy
−∞

∞

∫
−∞

∞

∫     at x = 0                     (73) 

determines the Kelvin wave amplitude. Using (52), one finds 

 uK = 0       for t < x/c   

     = ατx(x - ct)/cH1 exp(- y2β/2c)   for t > x/c    (74) 
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where α is a constant equal to 0.84 (Cane and Sarachick JMR 1977). A front is thus excited at the 

western boundary at t = 0, and it travels eastward at the Kelvin wave speed c. After the front has 

passed, the acceleration of the jet is strongly reduced. At y = 0, the solution becomes 

u = ujet + uK = (1 - α)tτx/H1 + αxτx/cH1  for t > x/c        (75) 

which shows that acceleration is reduced by a factor six. This happens because the front 

introduces a steady zonal pressure gradient in its wake, which nearly balances the wind stress at 

the equator. Indeed, from uKt = - g'ηKx and (69)-(70), one has 

g'ηKx = ατx/H1 exp(- y2β/2c)            (76) 

so that  g'ηKx 

€ 

≈ τx/H1 at y = 0. After the front, the horizontal motion becomes nearly 

nondivergent, and the meridional Ekman drift needs no longer be balanced by downwelling or 

upwelling. 

 The eastern boundary can be treated similarly, except that non-dispersive long Rossby 

waves are excited and propagate westward. Because the jet is symmetric about the equator, only 

the odd Rossby modes are excited. The fastest mode is the m = 1 mode which travels at speed c/3 

and has the narrowest width, then the m = 3 mode which is less equatorially trapped, and so on. 

The Rossby wave fronts introduce a zonal pressure gradient, and in their wake the jet become 

practically steady (Fig.3.18 et 3.19 de Philander (1990)). After a time 3xE/4c, the Kelvin and 

Rossby fronts meet at the equator, and there is a zonal pressure gradient all along the equator. The 

Kelvin and Rossby wave fronts then propagate in regions already affected by the boundary effects 

and start to decelerate the equatorial jet. The Kelvin wave reaches the eastern boundary and is 

reflected westward, with some energy loss to the high latitudes, and the Rossby waves reach the 

western boundary and generate a Kelvin wave. The equatorial ocean is essentially adjusted when 

the reflected waves reach the opposite boundary, i.e. after time 4xE/c. The remaining oscillations 
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disappear rapidly, because of eastern boundary energy leakage toward the high latitudes and, at 

least in numerical simulations, dissipation.   

  

   
 

 The adjustment time of the equatorial ocean depends on is width, and, in more realistic 

cases, on the importance of the various vertical modes. Model results suggest the adjustment of 

the upper equatorial ocean is primarily done by the second vertical mode, so typical values are 

450 days for the equatorial Pacific, and 150 days for the equatorial Atlantic. The response to 

seasonal forcing can thus be in near equilibrium in the smaller Atlantic Ocean, but not in the 
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equatorial Pacific. The adjustment is slower away from the equator, as only Rossby waves are 

available for the adjustment, and they propagate more slowly as the latitude increases. 

 In the inviscid reduced-gravity model, the steady state is a motionless state where the 

wind stress is exactly balanced by a zonal pressure gradient 

g'ηx = τx/H1           (77) 

The thermocline has a constant slope, deepening westward in case of easterlies, in qualitative 

agreement with the observations (Fig.6). The motionless state is not realistic, however, and the 

model is unable to simulate the presence of an undercurrent. This remains true if the 

nonlinearities are retained in the 1.5-layer model, which simply has a too rudimentary vertical 

structure to provide an adequate description of the currents in the equilibrium state. In this model, 

the upper layer is in uniform motion, and so uniformly "feels" the windstress. In reality, the 

turbulent surface layer feels the stress but the deeper fluid only feels the pressure force. Thus, a 

better vertical resolution is needed, and the vertical stress must be better modeled. In spite of 

these limitations, the reduced-gravity model is useful as it provides a good description of the 

transient part of the adjustment process. If the wind stress is not uniform but has a curl, the steady 

state solution away from the equator has an additional Sverdrup flow (see Philander 1990). 

 Cane (1979) has shown that a straightforward extension of the reduced-gravity model 

could already produce an equatorial undercurrent and reveal important dynamical features. The 

upper layer is divided into two layers of identical density, which can exchange mass and 

momentum. The wind stress is only felt in the surface layer, which has constant depth for 

simplicity, and there is an interfacial stress between the two layers, which is proportional to the 

shear. In the simplest model version, there is no stress at the interface with the deep layer, which 

remains at rest. In the linear case, it can be shown that the vertically averaged velocity over the 

top two layers obeys the same equations than in the reduced-gravity model, so that its equilibrium 

value in the presence of a uniform zonal wind stress is again equal to zero. However, there is a a 

steady state current in the direction of the stress in the surface layer, and in the opposite direction 

in the layer below, as the interfacial stress is too weak to balance the pressure gradient. Friction 

can thus produce some of the observed features of the equatorial undercurrent, but the model 

currents are too weak and there is no net zonal mass transport as in the observations. More 

realistic features are found in the nonlinear case, however, since the inertial term plays an 

important role in the undercurrent dynamics. Because of the importance of the nonlinearities, 

general circulation models (GCM) are needed to properly simulate the Equatorial Undercurrent, 

with a high vertical resolution in view of the complexity of the near surface mixing. 
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 The behaviour of the equatorial ocean under time varying forcing is of interest to 

understand its role in the ENSO phenomenon. Neelin et al. (JGR 1998) has considered a 1½ layer 

model with a 250-day damping time forced by a zonal wind patch that is limited to the central 

Pacific and oscillates with a 3-year period, which corresponds to the dominant ENSO period.  The 

steady state response to the forcing if it were steady is shown in Fig. 2. Note that the thermocline 

is flat at the equator outside the zone of wind forcing, consistent with (77), but that it is tilted away 

from the equator. The time evolution of the equatorial thermocline under periodic forcing is shown 

in Fig. 3. Since the 3-yr period is much longer than the equatorial adjustment time, the model is 

nearly in equilibrium at the equator. Away from it, however, there are large departures from 

equilibrium best seen in Fig. 5, where the equilibrium solution (pattern in Fig. 2 multiplied by the 

wind stress amplitude) has been subtracted. Note the off-equatorial westward propagation of the 

lines of equal phase, which corresponds to the propagation of the Rossby waves that are too slow 

to adjust to the changing wind, in particular far away from the equator where their westward 

propagation speed is slowest. Figure 5 illustrates the extra-equatorial “ocean memory” that plays a 

key role in the ENSO phenomenon and accounts for much of its predictability: the upper ocean 

heat content away from the equator is not in equilibrium with the wind, and it will later feed the 

equatorial zone and the eastern basin via the western boundary and Kelvin waves.  
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 The observed variability of sea level and thermocline depth is rather well reproduced by an 

ocean model forced by the observed wind. This is seen in the figure below (Busalacchi et al. JGR 

1983) based on a 1.5 layer model, although a GCM forced by better winds would provide a more 

realistic simulation and, in particular, better currents. In any case, it demonstrates that the tropical 

ocean behavior is largely controled by the wind. 

 

 

           
 

3. Instability waves 

 

 The observations show that the equatorial currents become unstable during 

certain seasons, when the horizontal shear become very large. This happens when the 
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trade wind intensify, equatorial upwelling increases, and the SST along the equator 

decreases. As the SST north of the equator does not change substantially, a SST front 

appears mear 3°N and the meridional shear between the South Equatorial current and 

the North Equatorial Countercurrent mean current increases, resulting in instabilities 

near 3°N, which are illustrated below for the tropical Atlantic, where they appear in 

May and are seen for a few months. In the Pacific, they are seen in longer periods 

(Philander 1990). These instabilities propagate westward with a period of 20 – 30 

days and a wavelength of teh order of 1000 km. The waves have a large amplitude, 

with a meridional velocity reaching 80 cm/s and a large vertical excursions. They are 

trapped in the surface layer and contribute significantly to diffusing the mean  

  

 
 

mean momentum and transporting heat equatorward, thus warming the equatorial waters (Bryden 

et Brady, JMR 1989). The waves are due to the instability of the shear currents. This can be 

modelled simply by adding a zonal mean flow U(y) in geostrophic balance to the reduced-gravity 

model (Philander, JGR 1978, Fig. 1). The mean thermocline depth H(y) is then given by 

fU +g’Hy = 0          (78) 

After linearization, the equations for a perturbation become  

ut + Uux + Uyv -  fv + g'ηx = 0        

 vt  + Uvx + fu + g'ηy = 0        (79) 

 ηt + Uηx + (Hu)x + (Hv)y = 0  

Assuming that the time and zonal dependance of the perturbations is in exp(ikx – ωt), one finds 

that, for given k, the complex frequency ω is the eigenvalue of a second-order differential  
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equation in y. For a realistic profile, the equation must be solved numerically. The perturbations 

grow when the shear is large enough, with maximum growth as observed for wavelength of about 

1000 km and period of about 30 days. This is illustrated below for different amplitudes of the 

zonal currents, taken as the maximum speed of the SEC (from Philander 1990). 

   


